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[1] We use high‐resolution simulations to analyze fluid flow, pore pressure, and fault
permeability evolution in the seismically active Tjörnes Fracture Zone (TFZ), a major
transform fault zone in the North of Iceland. Our results show that the TFZ is characterized
by four distinct areas where pore pressures are above hydrostatic, consistent with
geophysical observations. Basement and faults, which are assumed to have low
permeabilities, often display pore pressures close to lithostatic. Fault permeabilities are
allowed to vary freely as a function of the effective fault normal stress. They hence inflate
periodically to release excess pore pressure in a few minutes. This is accompanied by
an increase in permeability of over seven orders of magnitude and causes short‐lived fluid
fluxes of more than 0.01 m s−1. After pore pressures have dissipated, fault permeabilities
decay back to their original values in 2 to 3 years as the effective fault normal stress
increases. This behavior is consistent with a toggle switch mechanism and could have two
important implications for fluid flow in seismically and hydrothermally active oceanic
crust. First, the rapid changes in fault permeability and pore pressure provide an
explanation for distinct cyclical geochemical changes observed on a similar timescale
in thermal waters near the town of Húsavik in the TFZ before and after a magnitude
5.8 Mw earthquake. Second, our results provide another line of evidence in the growing
number of observations that crustal permeabilities are constantly evolving and geological
processes in hydrothermal systems can be dominated by short‐lived and extreme
flow events.
Citation: Lupi, M., S. Geiger, and C. M. Graham (2011), Numerical simulations of seismicity‐induced fluid flow in the Tjörnes
Fracture Zone, Iceland, J. Geophys. Res., 116, B07101, doi:10.1029/2010JB007732.
1. Introduction
[2] Iceland has formed by the interaction of theMid Atlantic
Ridge and the Icelandic hot spot plume [Darbyshire et al.,
1998; Allen et al., 2002; Bjarnason, 2008]. The resulting
scenario is a geodynamically active and geologically young
system. The oldest rocks, of Tertiary age, crop out in NW and
E Iceland while the central areas that bound the Mid Atlantic
Ridge are characterized by Quaternary to recent lithologies.
Iceland has been one of the most studied natural laboratories
due to its strong volcanism, active tectonics, and intense seis-
micity. The Mid Atlantic Ridge runs across Iceland and is
clearly recognizable in the geology of the central region, which
consists of elongated ridge fissures and faulted areas. In the
South and North of Iceland, theMid Atlantic Ridge is offset by
two transform areas: the South Iceland Seismic Zone (SISZ)
and the Tjörnes Fracture Zone (TFZ). These regions are
affected by intense seismicity [Stefánsson et al., 2003, 2008],
which is continuously monitored by the South Iceland Low-
land automatic network [Bodvarsson et al., 1996; Jakobsdóttir,
2008].
[3] The TFZ (Figure 1) in northern Iceland is an offshore
rift‐ridge transform zone [Gudmundsson, 2007] consisting of
faulted sedimentary basins and crystalline basement [Riedel
et al., 2005]. Two types of seismic events occur in the TFZ:
high‐magnitude (magnitude larger than 5 Mw) earthquakes
due to regional tectonic stresses and plate movement [Garcia
et al., 2002; Stefánsson et al., 2008] and low‐magnitude
seismic swarms (magnitude less than 3 Mw) that occur due to
local dike intrusions or hydrothermal activity [Hensch et al.,
2007]. Elevated pore pressures are thought to prevail
throughout the TFZ [Stefánsson et al., 2008]. Claesson et al.
[2004] observed distinct geochemical changes in thermal
waters near the town of Húsavik at the eastern end of the TFZ
before and after a magnitude 5.8Mw earthquake in September
2002. Cu, Zn, Mn, and Cr levels showed statistically signif-
icant anomalies up to 10 weeks before the earthquake while
other elements such as Na, Ca, K, d18O and dD showed sig-
nificant changes between 2 to 9 days after the earthquakes.
The chemical anomalies dissipated after two years and ele-
ment concentrations and isotope ratios returned to their
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original preearthquake values [Claesson et al., 2007]. It was
speculated that variations in the stress field caused two
aquifers to mix, with additional fluids leaking upwards from a
deeper and hotter basaltic aquifer. Using high‐resolution fluid
flow simulations, Lupi et al. [2010] demonstrated that the
natural large‐scale flow system in the TFZ probably com-
prises two distinct regimes: a deep system with slow con-
vective fluid flow in the basement and a shallow system with
faster convection in the sedimentary basins. Both regimes are
well separated and only very limited fluid exchange occurs
between them along a small number faults, most notably at
the eastern end of the TFZ where the geochemical anomalies
were measured and hot waters are observed in the harbor of
Húsavik. These two flow systems are only likely tomix due to
a major external perturbation, i.e. if the local stresses change
around a fault and cause the fault permeability to increase, for
example during seismic pumping [Sibson, 1985]. This would
allow fluids from the deeper flow regime to leak into the
shallower one, thereby creating the distinct hydrogeochemical
changes observed in Húsavik.
[4] The concept that seismicity affects not only hydro-
geochemistry but also, more generally, fluid flow, is well
established. Examples of postseismic changes in regional
groundwater flow include variations in flow patterns within
volcano‐hydrothermal systems [Manga and Brodsky, 2006],
temperature fluctuations in mid‐ocean ridge black smoker
vents [Johnson et al., 2000], water level changes in deep
wells [Roeloffs et al., 2003], overpressure and earthquake‐
induced sediment failure at continental slopes [Stigall and
Dugan, 2010], and variations in geyser periodicity [Husen
et al., 2004]. Such geological responses do not necessarily
need to occur in the vicinity of an epicenter. Seismic waves
can travel great distances and affect groundwater flow in
far‐field regions: induced microseismicity and pore pressure
changes were observed in hot continental crust up to 1250 km
away from the epicenter of the 7.2 Mw Landers earthquake in
the western United States [Hill et al., 2002]. On the other
hand, the notion that elevated pore pressures, that is pore
pressures above hydrostatic pressure, can lead to failure and
induce seismicity because the effective stress on the material
has changed was already recognized in the early work of
Terzaghi [1923, 1925]. High pore pressures reduce the
effective normal stress acting on a fault and cause movement
along the fault plane (e.g., slip), which is accompanied by a
sudden increase in fault permeability [Rubey and Hubbert,
1965; Sibson, 1990; Rice, 1992]. In these circumstances
faults act as valves and allow fluids to migrate upwards in the
crust at high rates [Sibson, 1990; Rice, 1992; David et al.,
1994; Cox, 1995; Evans et al., 1997; Wiprut and Zoback,
2000; Stanislavsky and Garven, 2003; Sibson, 2007]. This
can lead to the formation of solitary pressure waves because
permeability variations due to changes in effective fault
normal stress are usually a power law of porosity [Rice, 1992;
Revil and Cathles, 2002]. Examples of induced seismicity
include, but are not limited to, seasonal seismicity in volcanic
areas [Christiansen et al., 2005], production‐induced seis-
micity due to high fluid injection rates [Zoback and Zinke,
2002], or the occurrence of pore pressure driven aftershock
sequences [Miller et al., 2004].
[5] Crustal permeabilities are generally assumed to decay
exponentially as a function of depth, with bulk permeabilities
of 10−16 to 10−17 m2 between 4 and 10 km depth [Manning
and Ingebritsen, 1999; Saar and Manga, 2004; Jiang et al.,
2010]. In intraplate regions, hydraulically conductive and
critically stressed faults probably maintain these bulk per-
meabilities, which keeps pore pressures at hydrostatic levels
and strengthens the crust [Townend and Zoback, 2000]. Recent
theoretical studies [Rojstaczer et al., 2008; Ingebritsen and
Manning, 2010] lend further support and demonstrate that
crustal permeabilities are constantly evolving due to internal
and external forcing to maintain subcritical pore pressures.
On the other hand, the close coupling between seismicity
and fluid flow due to critically high pore pressures, that is
pore pressures close to lithostatic pressure, in seismogenic
zones continually weakens the rock by regenerating fracture‐
controlled permeability that decreases and increases over
orders of magnitude locally and transiently [Sibson, 1992].
Recent field evidence also points to extreme fluid fluxes
that may accompany such short‐lived permeability increase
[Cox and Ruming, 2004; Okamoto and Tsuchiya, 2009]. An
elegant conceptual model behind this process is the toggle
switch mechanism [Miller and Nur, 2000] where faults drive
fluid‐controlled seismic events. The toggle switch mecha-
nism occurs in four phases: 1) fault zone compaction, 2) fluid
pressure increase, 3) dilatant slip and/or fault inflation and
4) fault sealing (Figure 2).
[6] The aim of this study is to apply the concept of the
toggle switch mechanism in a series of high‐resolution
simulations and model the four different phases outlined
above. We use the TFZ, a prime example of critically
pressured oceanic crust in a tectonically active hydrothermal
system, as our case study and analyze the regional and local
response of the preseismic, coseismic, and postseismic fluid
Figure 1. Map of the Tjörnes Fracture Zone and surround-
ing regions. The inset shows the locations of the South Ice-
land Seismic Zone (SISZ) and the Tjörnes Fracture Zone
(TFZ). The Mid Atlantic Ridge is represented on land (North
Volcanic Zone) and offshore (Kolbeinsey Ridge) by the wide
gray shaded areas. The main geological structures in the TFZ
are the Grimsey Lineament (GL), the Húsavik Flatey Fault
(HFF) and the Dalvik Lineament (DL). The Tjörnes Penin-
sula is located between the Húsavik Flatey Fault and the
Grimsey Lineament. The dashed line shows the direction of
the seismic profile used in our simulations.
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flow behavior. This allows us to address the following
questions: 1) Are the hydrogeochemical variations observed
before and after the September 2002 earthquake in the TFZ
consistent with the flow processes thought to occur during
the toggle switch mechanism? 2) How can critical pore
pressures be generated and maintained in the TFZ and how
are they distributed? 3) What are the timescales of a com-
plete toggle switch cycle in the TFZ? 4) What is the nature
of coseismic and postseismic fluid flow in the vicinity of a
fluid‐induced seismic event?
[7] To answer these questions, we solve the pressure
diffusion equation for fluid flow in hydrothermal systems
[Geiger et al., 2006] coupled with a spatially and temporally
varying permeability that evolves as a function of the
effective fault normal stress [Rice, 1992]. This allows us to
simulate how a fault inflates due to local changes in pore
pressure. A high‐resolution geological model [Lupi et al.,
2010] that is based on a seismic profile of the TFZ
[Gunnarsson, 1998] with the initial pressure, temperature,
and salinity distribution shown in Figure 3 was used in our
Figure 2. Conceptual picture of the toggle switch mechanism [Miller and Nur, 2000] as assumed to
operate in the Tjörnes Fracture Zone. (a) The interseismic state shows two separated fluid flow regimes,
one in the sedimentary basins, characterized by intense convection and one in the basement, characterized
by much slower convection [Lupi et al., 2010]. An increase in the rate at which volatiles migrate upwards
due to mantle and magma degassing in the TFZ leads to the (b) preseismic state and causes elevated pore
pressures in the fault and in the basement. The fault inflates during the (c) coseismic phase which is
accompanied by a sudden increase in fault permeability that connects both flow regimes and mixes deep
and shallow fluids. (d) During the postseismic state, the fluid pressure dissipates and the faults close due
to a decrease of the pore pressure and volatile migration rate.
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simulations (Figure 4). Our conceptual model is shown in
Figure 2 and the workflow is summarized in Table 1. We
model the four different phases of the toggle switch mecha-
nism in sequential steps. We start with the interseismic state
where fluid flow in the TFZ is characterized by two separated
convective systems, one in the sedimentary basins and one in
the basement [Lupi et al., 2010]. During the preseismic state,
mantle‐ and magma‐derived volatiles (predominantly H2O
and CO2) that migrate upwards in the deepest parts of the TFZ
generate pore pressures which are locally above hydrostatic
[Nichols et al., 2002;MacPherson et al., 2005; Hensch et al.,
2007; Stefánsson et al., 2008]. During the coseismic and
postseismic state, we allow fault permeabilities to change as a
function of the evolving effective fault normal stress [Rice,
1992]. As a consequence, faults which originally comprise
low permeabilities begin to inflate. This enhances their per-
meabilities and causes the faults to “unzip” themselves from
bottom to top. This permeability increase allows pore pres-
sures to dissipate. As a consequence, fluids from the deeper
and hotter parts of the TFZ migrate upwards in the fault
planes, connecting the deeper flow regime in the basement
with the shallower flow regime in the sediments. During the
late stages of the postseismic state, the permeability of the
faults decays to its original value, which separates the two
flow systems again.
[8] The paper is organized as follows. We first present
the geology of the Tjörnes Fracture Zone. Then we describe
the geological and mathematical model, including the key
Figure 3. Initial temperature and fluid pressure distribution in the TFZ after approximately 0.9 Ma [Lupi
et al., 2010].
Figure 4. Model geometry, based on the interpretation of the seismic cross section byGunnarsson [1998],
and corresponding boundary conditions. The model consists of the sea (light gray area), 13 sedimentary
layers (white area) and the top basement, middle basement and deep basement (dark, medium, and light gray
areas, respectively). Here 86 faults have been identified in the seismic profile [Rögnvaldasson et al., 1998]
and are divided into shallow and deep faults, which range in width from 20 to 120 m. The left and right
boundary are no‐flow boundaries. The top boundary is characterized by constant values of temperature,
pressure and salinity as shown. The bottom boundary accounts for a constant heat flow of 0.18 W m −2 and
constant basal fluid flux. The impact of different basal fluid fluxes, ranging from 2.0 × 10−10 m s −1 to 5.4 ×
10−9 m s −1, is analyzed in the simulations.
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assumptions. We then present the results and discuss how
they relate to timescales of fluid flow in the TFZ and in
other hydrothermal systems.
2. Geological Setting of the Icelandic
Seismic Regions
[9] Seismic events in Iceland are frequent and mostly dis-
tributed along the Mid Atlantic Ridge [Einarsson, 1991;
Sigmundsson, 2006]. The Tjörnes Fracture Zone (TFZ) and
the South Iceland Seismic Zone (SISZ), generally described
as transform zones [Saemundsson, 1974; Bergerat et al., 2000;
Bergerat and Angelier, 2007], are the seismically most active
areas in Iceland. They offset segments of the Mid Atlantic
Ridge and are characterized by low‐and high‐magnitude
seismic events. The TFZ is located between the Kolbeinsey
Ridge and the North Volcanic Zone (Figure 1) and comprises
sedimentary and magmatic lithologies [Riedel et al., 2005].
Overall it is a transtensional fracture zone where 500 to
4000 m deep sedimentary basins are filled with marine and
glacial‐related sediments [Richter, 2006; Gunnarsson, 1998].
The shallower parts of the Tjörnes basins crop out in the
Tjörnes peninsula (Figure 1). They consist, from base to top,
of Tertiary lava flows which are overlain by a sequence of
sedimentary layers up to 500 m thick [Richter, 2006]. Above
these units a Pliocene lava succession alternating with marine
sedimentary lithologies occurs. On top of these Pliocene lava
flows, tills, and other glacial origin sediments occur [Richter,
2006]. The upper part of this succession has also been found
on the Flatey Island (Figure 1) approximately 15 km offshore
of Húsavik in a 600 m deep borehole. This implies lateral
continuity, at least for the shallow sediments. Below the
sedimentary basins, picritic rocks occur in the basement up to
5 km depth while gabbroic rocks characterize the deep oce-
anic crust [Riedel et al., 2005]. Below the gabbroic bodies a
MgO rich mantle is present [Riedel et al., 2005]. This mantle
is generally considered to be wet [Nichols et al., 2002], causing
the release of volatiles (mostly H2O and CO2 with minor
amounts of noble gases) below the TFZ [MacPherson et al.,
2005]. Further volatile contributions come from magmatic
intrusions in the TFZ [MacPherson et al., 2005], such as
dikes [Hensch et al., 2007]. Upward migration of these
volatiles is thought to lead to elevated pore pressures in the
deeper parts of the TFZ [Stefánsson et al., 2008].
[10] The intense faulting of the TFZ and, in particular, the
formation of the sedimentary basins has been related to the
tectonic regime [Gudmundsson, 2007]. Saemundsson [1974]
and Bergerat et al. [2000] identified three tectonic regimes in
the regional geodynamic setting: dextral ENE–WSW trending
transtension, NE–SW Húsavik Flatey Fault‐perpendicular
extension, and a NW–SE Húsavik Flatey Fault‐parallel exten-
sion [Garcia et al., 2002]. Although the overall tectonic regime
of the TFZ can be defined as transtensional, flower structures,
characteristic of compressional regimes, also occur locally.
A large rollover structure, with amplitude and wavelength of
approximately 1 km and 10 km, respectively, is apparent in the
TFZ close to the Kolbeinsey ridge [Richter, 2006]. Several
synthetic and antithetic listric faults, associated with a crustal‐
scale listric fault dipping toward the southwest, are present in
the TFZ [Richter, 2006]. The main geological structures of the
TFZ, the Húsavik Flatey Fault, theGrimsey Lineament, and the
Dalvik Lineament, are characterized by abundant seismic
activity [Stefánsson et al., 2008]. Microseismicity is intense
and occurs mainly between 2 and 10 km depth but never below
16 km [Rögnvaldasson et al., 1998]. Stefánsson et al. [2008]
suggest that this may be caused by elevated pore pressures
that migrate upwards from the ductile crust across the brittle‐
ductile transition toward shallowdepths. Low‐magnitude events
(up to 4.0Mw), are caused by variations of the local stress fields
[Rögnvaldasson et al., 1998; Garcia et al., 2002]. These var-
iations are generated by dike intrusions, hydrothermal fluid
flow, and deep fluid migration across the brittle‐ductile tran-
sition [Hensch et al., 2007; Stefánsson et al., 2008]. High‐
magnitude earthquakes (up to 7.0 Mw), caused by the regional
tectonic forces [Garcia et al., 2002], have been recorded in
the area over the last century [Stefánsson et al., 2008].
3. Model Description
3.1. Geometrical Modeling
[11] Our geological model [Lupi et al., 2010] is based on the
interpretation of a seismic profile of the TFZ [Gunnarsson,
1998] (Figure 4). It has been extended up to 10 km depth in
order to include the likely position of the brittle‐ductile
transition. We reproduce 13 sedimentary layers, 86 faults
(shallow and deep) and the basement (separated into top,
middle and deep). The faults are reproduced as high aspect
ratio structures with widths generally varying from 20 m to
120 m but also up to 500 m for large damaged areas. Geo-
logical unconformities, lens‐shaped sedimentary layers, and
layering offset by faulting are also reproduced. A computer‐
aided design (CAD) geometry was built [Paluszny et al.,
2007] and discretized into approximately 50,000 adaptively
Table 1. Summary of the Two Simulation Steps
Type of Simulation Aim Method
Preseismic State
Transient pressure diffusion To evaluate the time required
to reach a steady state pore pressure
distribution in the TFZ
Different spatially and temporally constant
mantle degassing rates are analyzed.
They range from 2.0 × 10−10 m s−1
to 5.4 × 10−9 m s−1
Coseismic and Postseismic State
Transient pressure diffusion To evaluate the fluid flow behavior
and the fault inflation during the coseismic
and postseismic state
A high mantle degassing rate of 5.4 × 10−9 m s−1
is used, which leads to overpressure
and fault inflation. The permeability is allowed
to vary as a function of sn
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refined triangular finite elements using the commercial soft-
ware ANSYS ICEM™.
3.2. Conceptual Model
[12] Our key conceptual model is that the feedback
between fluid flow, pore pressure diffusion, and permeability
evolution in the TFZ can be described by the toggle switch
mechanism [Miller and Nur, 2000] (Figure 2). Hence we
study the different phases of the toggle switch mechanism in
our simulations using two separate steps. These are summarized
in Table 1. The first simulation step models the preseismic state.
We start with a single representative pore pressure, temperature
and salinity distribution (hereafter referred to as P‐T‐X distri-
bution) for the TFZ [Lupi et al., 2010]. The P‐T‐X distribution
was obtained by simulating the regional fluid flow in the TFZ
for a time of approximately 1Ma. At this time, the two distinct
flow regimes, which separate fluid flow in the basement from
fluid flow in the sedimentary basins, already exist. High‐
permeability faults may connect the two flow regimes tem-
porarily, causing two chemically distinct fluids to mix, which
generates the distinct shift in hydrogeochemistry observed
by Claesson et al. [2004, 2007]. As shown by Lupi et al.
[2010], the large‐scale flow pattern in the TFZ is not station-
ary over time and individual upflow zones of hot hydrothermal
fluids continue tomigrate slowly. Since the separation into two
flow regimes exists throughout, the 1 Ma snapshot taken here
is thought to be a representative P‐T‐X distribution that cap-
tures the key flow processes in the TFZ.
[13] Seismic data appears to be consistent with the occur-
rence of elevated pore pressures at depth; volatiles leaving the
brittle‐ductile boundary and migrating upwards are thought
to cause the elevated pore pressures [Stefánsson et al., 2008].
Geochemical analysis of basaltic glasses from Iceland shows
that the mantle is wet, i.e. it has a significantly elevated water
content, which degasses from the mantle [Nichols et al., 2002].
3He/4He ratios show that the source of volatiles in the TFZ is
the mantle with additional contributions of volatiles degassing
from magmatic intrusions [MacPherson et al., 2005]. Intru-
sions include shallowdikes [Hensch et al., 2007] and, possibly,
partially molten basalts at 10 to 15 km depth [Stefánsson et al.,
2008]. The volatiles consist mainly of H2O and CO2 but include
small amounts of noble gases aswell [MacPherson et al., 2005].
We simulate the volatile degassing from depth by applying a
spatially and temporally constant fluid flux at the bottom
boundary of our model. Since the exact rates of mantle and
magma degassing and the physical nature of volatiles (gases,
liquids, or supercritical fluids) are unknown, we investigate
the effect of different fluxes in separate simulations. The
fluxes range from 2.0 × 10−10 m s−1 to 5.4 × 10−9 m s−1. Note
that because the ratio of mantle versus magma degassing is
unknown as well, we combine both processes in a single
rate termed “mantle degassing” or “basal fluid flux” in the
following; this represents the volumetric flux of mantle‐ and
magma‐derived volatiles per unit area traveling upwards into
the basement of the TFZ. Mantle degassing causes an
enhancement of the upward fluid flow through the basement,
lower crust, and faults. This leads to an increase in pore
pressures inside the faults and in the deep parts of the
crust. The results of this first step, the preseismic state, pro-
vide the initial pore pressure distribution in the TFZ and form
the basis for the second simulation step that models the
coseismic and postseismic state.
[14] In this second step we consider only a basal fluid flux
rate of 5.4 × 10−9 m s−1, as discussed further below. In con-
trast to the first step, we now allow the permeability of the
faults to vary as function of the evolving stress. The increase
in fault permeability with decreasing effective fault normal
stress models the inflation of a fault, which “unzips” itself
from bottom to top to release the elevated pore pressure.
However, this process does not model the dilatant slip of the
fault itself that may occur during a seismic event. High fault
permeabilities are retained as long as the pore pressures
remain elevated inside the faults. As the local fluid flux
decreases with time, the effective fault normal stress changes
locally and the permeability of the faults returns to their
original values as the faults deflate.
3.3. Mathematical Formulation
[15] By combining the mass conservation equation for
compressible fluids

@f
@t
¼ r  vff
 þ Q ð1Þ
with the momentum conservation equation given by Darcy’s
law
vf ¼  k
f
rPf  f g
  ð2Þ
it is possible to derive the pressure diffusion equation for
hydrothermal fluids [Geiger et al., 2006]
f t
@Pf
@t
¼ r  k
f
f
 
rPf
 	
r  k
f
2f g
 	
þ f  f @X
@t
 f @T
@t
 	
þ Q; ð3Þ
which we solve using an implicit finite element method.
Here  is the porosity (assumed to be constant), rf the fluid
density, bt = (1 − )br + bf is the total compressibility of
the fluid, f, and rock, r, system, vf the Darcy velocity, k the
permeability (assumed to be a scalar), mf the fluid viscosity,
Pf the pore pressure and g the vector of gravitational
acceleration. k, , br, and vf are piecewise constant prop-
erties stored at the finite elements. Pf as well as all fluid
properties (e.g., mf, rf) are properties stored at the nodes of
the finite element mesh and extrapolated to the finite ele-
ments where needed. The source term Q in equations (1)
and (3) represents the basal fluid flow (or “mantle degas-
sing rate”). X is the salinity and T the temperature of the
hydrothermal fluids. af and gf are the thermal expansivity
and chemical expansivity of the fluid, respectively. We treat
the system as isothermal and isochemical and consider @T@t
and @X@t to be zero. rf, mf as well as a, b and g are computed
from an equation of state for H2O–NaCl fluids [Driesner
and Heinrich, 2007; Driesner, 2007] during each time
step. Note that via the rock compressibility br this model
accounts for compaction of the rock due to pore pressure
changes. Although in this idealized approach br does not
include the full poroelastic theory, it is still a viable model in
this instance because br is usually several orders of mag-
nitude smaller than the fluid compressibility bf of hydro-
thermal fluids [Geiger et al., 2006].
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3.4. Timescales and Boundary Conditions
[16] The time window for each simulation step varies. The
first set of simulations that model the preseismic state are
run for ∼4.5 kyrs to ensure that the system reaches a steady
state pore pressure distribution. In order to capture the pore
pressure buildup adequately, we applied time steps (Dt) of
1 yr. The second simulation step considers much shorter
timescales from a few minutes to a few years. This was
necessary to resolve flow processes that occur very quickly,
i.e., coseismic fluid flow and postseismic permeability
decay. Simulations lasting for less than 24 hours are based
on fixed time steps of minutes. Simulations lasting for more
than 24 hours but less than two years use fixed time steps of
hours, otherwise we use time steps of months. For each
simulation we reduced the time step in multiple trial runs
until a stable numerical result was obtained. This time step
was then used in the subsequent simulations.
[17] The model geometry and boundary conditions are
shown in Figure 4. The right and the left model boundaries
are no‐flow boundaries while the top boundary is at sea
level. We assign a fixed temperature of 5°C, a fixed pressure
of 1.0 × 105 Pa, and a fixed salinity of 3.2 Wt.% to the top
boundary. The hydrostatic pressure acting on the seafloor
varies according to the depth of the sea which is given by
the seafloor topography.
3.5. Heat Flow and Fluid Flux at the Bottom Boundary
[18] We use a uniform basal heat flow of 0.18 W m−2 in
both simulation steps, which is relatively well constrained in
the TFZ [Flóvenz and Saemundsson, 1993; Flóvenz, 2008;
Lupi et al., 2010]. To the best of our knowledge, there are no
direct measurements of the rates at which H2O and CO2 degas
from mantle and magma in the TFZ. We hence test the model
sensitivities for different spatially and temporally constant
basal fluid fluxes. They range from 2.0 × 10−10 m s−1 to 5.4 ×
10−9 m s−1. These values include both, mantle and magma
degassing rates as noted above. The upper value is slightly
higher than the average surface degassing rate of 2.0 × 10−9 m
s−1 measured in the South Iceland Seismic Zone [Fridriksson
et al., 2006]. However, this value is not unreasonable con-
sidering the presence of shallow dikes [Hensch et al., 2007]
and possibly molten basalts between 10 and 15 km depth
[Stefánsson et al., 2008] in the Tjörnes peninsula, which both
contribute to the volatiles released from the wet Icelandic
mantle [Nichols et al., 2002; MacPherson et al., 2005]. This
may cause, at least locally, higher volatile fluxes.
3.6. Permeability Modeling
3.6.1. Preseismic State
[19] For the preseismic state, we use the permeability
values of Lupi et al. [2010] to characterize the hydro-
stratigraphy of the TFZ. Figure 5 shows the permeability
distribution used for this set of simulations. In general,
shallow faults and the upper basement have constant per-
meabilities. The permeability of the sedimentary layers
decreases with depth, mimicking older and more compacted
rocks. We characterized the damaged zone of the shallow
faults with a permeability of 5.0 × 10−14 m2. The time‐
averaged permeability of the deeper basement and of the deep
faults is modeled by the relation [Manning and Ingebritsen,
1999]
log10 kð Þ ¼ log10 k0ð Þ  3:2 log10 zð Þ ð4Þ
where k0 is the permeability in [m
2] at 1 km depth and
z denotes the depth in [km].Manning and Ingebritsen [1999]
used k0 = 10
−14 m2 for the continental crust. We varied k0
depending on the lithology (Table 2).
Figure 5. Permeability distribution of the Tjörnes Fracture Zone during the interseismic and preseismic
state after Lupi et al. [2010]. The permeability of the deep faults and basement varies with depth
according to equation (4) (see Table 2 for values of k0). The black box shows the location of the fault
depicted in Figure 12. Note that the checkered pattern is caused by visualizing the element‐wise constant
permeabilities on an unstructured finite element mesh.
Table 2. Parameters Used During the Two Simulation Stepsa
Geological Unit k (m2) k0 (m
2) k^0 (m
2)  (‐) s* (MPa) rr (kg m
−3)
Shallow faults 3 × 10−14 – 10−10 0.22 10 2800
Deep faults – 2 × 10−14 10−10 0.02 10 2800
Sediment basins 10−13 to 10−16 – 3 × 10−13 0.25 to 0.10 15 2600 to 2800
Basement – 10−14 3 × 10−14 0.02 50 3000 to 3200
aHere k, k0, , and rr after Lupi et al. [2010], s* after Miller et al. [2004] (faults) and David et al. [1994] (basement and sediments).
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3.6.2. Coseismic and Postseismic State
[20] When the pore pressure inside the fault increases, the
effective fault normal stress decreases locally and the fault
inflates, i.e. its permeability increases. We model this effect
in the second simulation step by allowing the permeability
of the faults to vary as a function of the effective fault
normal stress sn which is a function of the pore pressure Pf
[Rice, 1992]
k ¼ k^0 exp
n Pf
 
*
; ð5Þ
where k^0 is the permeability at zero effective fault normal
stress. Note that although this model has been successfully
used to model fault permeability changes as a function of the
effective fault normal stress [Revil and Cathles, 2002;Miller
et al., 2004; Crutchley et al., 2010], it does not account,
strictly speaking, for dilatant slip or hydraulic fracturing
which can occur when the pore pressure exceeds the litho-
static load [Sibson, 1974, 1981]. The characteristic stress s*
[Rice, 1992; David et al., 1994; Revil and Cathles, 2002;
Miller et al., 2004] is a constant that expresses the degree
of fracturing of a geological structure. s* is equal to the
reciprocal of the pressure sensitivity coefficient and can be
measured in laboratory experiments [David et al., 1994] or
by fitting field data [Henry, 2000]. Lower values of s*
correspond to highly fractured rocks [Rice, 1992; Miller
et al., 2004]. We use the data of David et al. [1994] with
s* = 50 MPa for the unfractured (picritic) basement and
s* = 15 MPa for the (unfractured) sediments. For the faults
we use the same values as Miller et al. [2004], that is s* =
10 MPa. The conceptual model of the permeability–pore
pressure relation given by equation (5) is shown in Figure 6.
The actual permeability–pore pressure relations used for
the faults, basement, and sedimentary basins are shown in
Figure 7.
[21] The effective fault normal stress is given by Ingebritsen
et al. [2006]
n ¼ 1 þ 3  2Pf2 þ
1  3
2
cos 2	; ð6Þ
where s1 and s3 are the largest and least principal stresses
acting on the fault, respectively, and 	 is the dip angle of the
fault (Figure 6). The complex tectonic state of the Tjörnes
Fracture Zone is characterized by the interplay of transten-
sional and extensional stress regimes [Saemundsson, 1974;
Gudmundsson, 1993; Garcia et al., 2002]. We assume an
extensional regime where s1 is vertical, i.e. equal to the
lithostatic load sv =
R
0
z rrgdz, where rr is the rock density
and g is the gravitational constant. For an idealized exten-
sional regime we then take s3 = 0.7 × s1 [Miller et al., 2004;
Jaeger et al., 2007; Peng and Zhang, 2007] and 	 = 40°
[Zoback et al., 2003; Jaeger et al., 2007]. s3 is oriented in
the plane of Figure 4, i.e. the faults strike perpendicular to
Figure 6. (a) Conceptual sketch showing the relation between
permeability k and the effective fault normal stress sn, which is
a function of the pore pressure Pf, see equations (5) and (6).
(b) The Mohr circle shows how an increase in pore pressure
reducess1 ands3 tos1 ands3, respectively. It causes a decrease
in effective fault normal stress and an exponential increase in
permeability up to the maximum value k^0 when the fracturing
threshold is reached. This models fault inflation due to local
changes in pore pressure. Figure 7 shows the actual k − sn
relation used in the simulations.
Figure 7. Permeability decay as function of effective fault
normal stress sn, permeability threshold k^0, and characteris-
tic stress s* for faults, sedimentary layers, and basement
(equation (5)). The pore pressure varies between hydro-
static and lithostatic at 8 km depth.
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sn. We also tested for a strike‐slip tectonic setting with s2
being vertical, s1 = 1.1 × sv, s3 = 0.625 × s1, and 	 = 55°
but observe no major impact on the results as discussed
below.
[22] The pore fluid factor l relates the pore pressure Pf
to sv and the tensile strength t as [Sibson, 1974]

 ¼ Pf
v þ  ; ð7Þ
which provides a simple measure as to how close the pore
pressure is to inducing a fracture, assuming that the maxi-
mum strength of the rock can be approximated as the sum of
lithostatic and tensile strength of the rock. We further define
l* = Pf /sv, which is a measure of how close the pore
pressure is to lithostatic pressure. For negligibly small ten-
sile strength, e.g. in the deeper parts of the TFZ, l* ≈ l.
Rocks fracture hydraulically the latest if l ≥ 1 but probably,
as in the extensional regime considered here, at values of
l < 1. For example, Rojstaczer et al. [2008] propose that
failure can occur if l* ∼ 1.5. Since the exact value for l*
where hydraulic fracturing can occur is difficult to establish,
we use l ≥ 1 because it represents the upper limit when this
must occur. We note that the resulting flow dynamics will
not be affected by the choice of l or l*,which only serve to
“label” the area where excess pressure occurs. The exact
values for t, rf, s* and k^0 that we have used in the simu-
lations are given in Table 2.
3.7. Key Assumptions
[23] Several assumptions and simplifications have been
made to run the simulations at reasonable computational
costs. We assumed that all rock parameters (i.e. k, k0, , t,
rr, s* and k^0) are constant in time during the preseismic
state. We only allow the permeability to vary as a function
of sn, i.e. spatially and temporarily, during the coseismic
and postseismic states. This is obviously incorrect for the
porosity , which will also vary as rocks deform. However,
this is still a reasonable assumption since, according to the
cubic law [Snow, 1968], a change in fracture aperture,
driven by the change in sn, affects the fluid fluxes cubically
but porosity only linearly. Hence it is the orders of magni-
tude change in permeability k as a function of sn, not the
relatively moderate change in porosity , that will dominate
the flow behavior and can lead to wave‐like propagation of
the pressure front [Rice, 1992; Revil and Cathles, 2002].
This behavior is reflected in the exponential growth of
permeability as a function of effective fault normal stress
(equation (5)).
[24] We assume that the system is isothermal and iso-
chemical over the short time period modeled because the
pressure front travels much faster than the temperature front,
which is retarded due to lower thermal diffusivities and heat
exchange between fluid and rock. A change in salinity
causes only a relatively small change in volumetric expan-
sion, i.e. g in equation (3) is comparatively small [Geiger
et al., 2005]. In addition, our earlier work demonstrated
that salinity and temperature gradients in the vicinity of
faults in the TFZ are probably small [Lupi et al., 2010] and
hence will not cause major volume changes when fluids
travel upwards in the fault, which could affect the pore
pressure. Another simplification is that our equation of state
[Driesner and Heinrich, 2007; Driesner, 2007] does not
account for CO2. Equations of state for NaCl‐H2O‐CO2
fluids [Spycher et al., 2003; Spycher and Pruess, 2005] are
only available for low temperatures and pressures and not
applicable to the extreme P‐T‐X conditions encountered in
high‐temperature and seismically active hydrothermal sys-
tems. However, as long as there is no free CO2 phase in the
TFZ, our equation of state still provides adequate fluid
properties because NaCl has a greater impact on fluid den-
sity and viscosity than dissolved CO2.
[25] The boundary conditions are assumed to be uniform
and constant in time and space. We also consider the vari-
ation of heat flow, sediment compaction, and seafloor
morphology with time as negligible because of the short
time window used in our simulations. The lack of temporal
and lateral variations of heat flow and mantle degassing rate
across the lower boundary are rather notable simplifications.
Changes in basal fluid flux are likely to occur locally, for
example due to the intrusion of a dike at depth [Hensch
et al., 2007]. We also do not account for fault/fracture
sealing due to precipitation of mineral phases which may
increase the rate at which the permeability decays [Lowell
et al., 1993].
[26] An important simplification is that we use a 2D cross
section. By doing this, we oversimplify the complex inter-
play of three‐dimensional stresses acting on the faults. They
probably vary locally between compressional, extensional,
transpressional, and transtensional regime, particularly in a
complex tectonic setting like the TFZ which underwent
changes in tectonic regimes over time [Saemundsson, 1974;
Garcia et al., 2002]. Hence we only simulate the two end‐
member cases, extensional and strike‐slip, as noted above. It
is also not possible to simulate multiple seismic events
occurring in the fault planes (e.g. seismic swarms) in our 2D
simulations.
4. Results
4.1. Preseismic State
[27] Figure 8 shows the pore pressure buildup at 10 km
depth where the permeability of the basement is approxi-
mately 2.0 × 10−17 m2. While the maximum values of the
Figure 8. Buildup of pore fluid factor l = Pf/(sv + t) at
9.9 km depth for different mantle degassing rates. The ver-
tical line represents the time after which the pore pressure
does not change any longer.
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pore pressure are a function of the mantle degassing rate and
permeability, the time required to obtain a steady state pore
pressure distribution does not vary. Maximum pore pressures
are reached after approximately 700 years and result in values
for l of 0.55 for a mantle degassing rate of 2.0 × 10−9 m s−1
and l ≈ 1 for a mantle degassing rate of 5.4 × 10−9 m s−1.
[28] Figure 9 shows the increase in pore pressure along
two different horizontal profiles at 8.8 km and 9.9 km depth,
respectively, as a function of time. The buildup is charac-
terized by a fast increase during the first 300 years, followed
by a slower increase lasting for another 400 years, after
which the maximum pore pressure is reached. Figure 9a
shows that the pore pressure at 8.8 km exhibits three
prominent peaks. These peaks represent the elevated pore
pressure inside faults with l being close to 1. Additional
simulations where we varied the tensile strength of the faults
from 2 MPa to 10 MPa yield similar results. This indicates
that the permeability contrast between faults and host rocks,
not tensile strength, controls the increase in pore pressure
and its local distribution. Figure 9b shows that pore pressure
variations at 9.9 km depth are only minor. These smooth
horizontal variations are related to the original pore pressure
distribution. Due to the convective nature of the regional
fluid flow in the TFZ, zones with higher hydrostatic pres-
sures occur in areas where cold and dense fluids sink
downward (Figure 3). This causes the local and less prom-
inent variations in pore pressure and l at larger depths.
[29] The pore pressure distribution in the TFZ immediately
before the coseismic state, i.e. before the faults begin to
inflate, is shown in Figure 10. Once the pore pressure reaches
a steady state, it is possible to distinguish at least four main
regions where elevated pore pressures occur. The deep crust
comprises high pore pressures (l ≈ 0.85), which gradually
decrease toward the upper structural levels of the basement.
At depth, the fluids are focused into the faults, causing values
of l close to 1 (i.e. critically high pore pressures) in the deeper
parts of the faults (Figure 9a). Lower pore pressure values,
with l between 0.5 and 0.15, are present between 7.5 km
depth and the top of the basement. The sedimentary basins are
characterized by low pore pressures and l between 0.3 and
0.5. The shallow crust, less than 1 km below the seafloor, has
values of l ≈ 0.15. These values are well below the lithostatic
pressure but they can reach up to 1.2 times the hydrostatic
pressure, which probably does not induce hydrofracturing in
the TFZ (Figure 11).
4.2. Coseismic and Postseismic State
[30] Starting from the steady state pore pressure distribu-
tion (Figure 10), we now allow the permeability to vary as a
function of the effective fault normal stress (equation (5))
and simulate fault inflation during the toggle switch mech-
anism (Figure 2c). The resulting pore velocities (i.e. vf /,
the rate at which a nonreactive solute travels through porous
media), pore pressures and coseismic and postseismic fault
permeability evolution are presented here.
[31] Figure 12 shows the pore pressure evolution along a
3.5 km long fault whose location is indicated by the inset
black square in Figure 5. Horizontal profiles across the fault
Figure 9. Pore fluid factor l distribution along a horizontal
profile at (a) 8.8 km depth and (b) 9.9 km depth at different
times. A large pore pressure increase occurs within the first
300 years. Afterwards the buildup is slower. The peaks in
Figure 9a represent three faults which reach 8.8 km depth.
The faults have pore pressures close to lithostatic conditions,
resulting in l ≈ 1. The variations in Figure 9b are caused by
lateral variations in hydrostatic fluid pressure (Figure 3b).
Figure 10. Pore fluid factor l distribution before fault inflation and permeability increase. The perme-
ability of the basement varies as given in equation (4), with k0 = 10
−14 m2 and a basal fluid flux of 5.4 ×
10−9 m s−1. The faults show higher pore pressures than the surrounding rocks, resulting in locally higher
l values.
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are presented for pore pressure (Figure 13), pore velocity
(Figure 14), and permeability (Figure 15). The location of
the profiles is indicated by the black line in Figure 12a (for
Figures 14 and 15) and Figure 12f (for Figures 13and 16),
respectively. These lines are not to scale and only indicate
the location across the fault. However, Figures 13, 14, 15,
and 16 show the correct length of the horizontal profiles.
[32] Figure 12 shows how a fault inflates and unzips itself
to release excess pore pressure. This occurs in the deeper
part of the fault where l is approximately 1 (Figure 12a).
Pore pressure dissipates and l falls below 0.85 after one
minute (Figure 12b). Pore pressures continue to decrease
(Figures 12c and 12d) in the deeper parts of the fault
but also begin to build up in the upper parts of the fault
(Figure 12e) because excess fluid travels upwards in the
fault and cannot be released quickly enough into the base-
ment. After 6 hours, values of l close to 1 are reached at the
top of the fault (Figure 12f). The pore pressure buildup in
this region is shown in Figure 13. It increases rapidly during
the first hour, followed by a slower buildup until values of l
close to 1 are reached. The fault permeability is enhanced
but elevated pore pressures are maintained because the fault
is confined within the low permeability basement. This
prevents the pore pressure from diffusing fast enough from
the fault into the basement. The high values of s* in the
basement, which imply that the basement is mechanically
stronger, cause the permeability to remain at lower values
for longer time. However, pressure diffusion between
fault and basement is clearly visible in Figures 12e and 12f
by the expansion of a green halo, which represents values of
l ≈ 0.5, away from the fault.
[33] Coseismic pore velocities are shown in Figure 14.
The highest velocities (up to 0.03 m s−1) are observed within
the first minute after fault inflation occurs and maintained
for five minutes. Afterwards they rapidly decrease, reaching
minimum values of approximately 0.004 m s−1 after one
Figure 11. Distribution of the ratio of fluid pressure to hydrostatic pressure, l* = Pf/sv. The basal fluid
flux and permeability model is identical to Figure 10.
Figure 12. Coseismic pore fluid factor evolution in the fault shown by the black box in Figure 5. After
permeability enhancement, pore pressures within the fault decrease and move upwards where they
accumulate at the top of the fault, resulting in the upwards migration of the maximum l values. The
horizontal line in Figure 12a shows the locations of Figures 14 and 15 while the line in Figure 12f shows
the locations of Figures 13 and 16.
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hour. The high pore velocities are associated with the sud-
den coseismic change in fault permeability. Figure 15 shows
how the initially low permeability of the fault and basement
increases suddenly during the first minute of the coseismic
state. The preseismic permeability contrast between base-
ment and fault is one order of magnitude. After the fault
starts to inflate, the permeability increases up to almost
seven orders of magnitude, from ∼3.0 × 10−16 to ∼8.0 ×
10−10 m2. During the postseismic state, the permeability
decreases with time to its preseismic values as the elevated
pore pressure dissipate and sn increases. The rate of per-
meability decay is a function of s* and k^0 (Figure 7) and
hence the permeability of the fault decreases more rapidly
than the permeability of the basement. After four months,
faults and basement have permeabilities of approximately
1.1 × 10−14 m2 (Figure 15). After approximately three years,
the permeability of the fault is 2.0 × 10−15 m2, which is close
to the preseismic values. The difference between the pre-
seismic and postseismic fault permeabilities can be attrib-
uted to external factors that will be discussed in the next
section.
[34] If the basal fluid flux were to decrease, for example
due to reduced magmatic activity in the TFZ, and perme-
ability enhancement does not occur, the TFZ can preserve
elevated pore pressures for approximately less than four
months (Figure 16). Figure 16 shows the decay of the pore
pressures as a function of time in the fault and basement
when the high basal fluid flux is reduced. During the first
four months the decrease in pore pressure is much faster
than during the following years. Pore pressures have
returned to background values after 10 years. Note the
vastly different scales of ∼700 years for the pore pressure
buildup and ∼10 years for the pore pressure decay.
5. Discussion
[35] Our simulations present new insights into the pre-
seismic, coseismic and postseismic fluid flow, pore pres-
sure, and permeability evolution in the TFZ. They indicate
that the TFZ is characterized by a critically pressured deep
crust where the faults have pore pressures close to lithostatic
pressure.
[36] Since the exact permeability distribution and basal
fluid fluxes, i.e. mantle‐ and magma‐degassing rates, for the
TFZ are unknown, a large number of permeability–fluid
flux combinations could cause similar pore pressure dis-
tributions in the TFZ. While a detailed parametric analysis is
beyond the scope of this study and we only want to analyze
the principal mechanisms occurring during seismicity‐
induced fluid flow using a geologically reasonable model
and parameter distribution, some further insight can be gained
by rewriting the pressure diffusion equation (equation (3)) as
@Pf *
@t
¼ r2 Pf *þ G; ð8Þ
where h is the hydraulic diffusivity defined as h = k/mfbf
and G is the source term. Note that Pf* indicates that we only
consider a reduced driving pressure, i.e. we exclude the
hydrostatic fluid pressure component such that the equation
expresses only the rate at which the driving fluid pressure
propagates through the crust. Since mf and bf depend only
weakly on pressure and we assume that temperature and
salinity do not change with time, the permeability k and the
mantle degassing rate G (or Q in equation (3)) have the big-
gest impact on the rate at which fluid pressure increases and
its subsequent distribution. Assuming a constant permeabil-
ity, which is the case in the first part of our simulations, the
characteristic distance of the pressure front is proportional to
2
ﬃﬃﬃﬃ
t
p
. Hence the time at which a steady state pore pressure is
reached is the same for different basal fluid fluxes and con-
stant permeabilities, i.e. constant h (Figure 8). However, for
a constant fluid flux and varying h, lower permeabilities
lead to a faster and more local increase in pore pressure
while higher permeabilities have the opposite effect. Hence
certain combinations of low permeability and low fluid
flux or high permeabilities and high fluid flux should provide
Figure 13. Buildup of the pore fluid factor l in the fault
depicted in Figure 12f at 6.1 km depth. The jagged lines
are artifacts due to interpolating across the unstructured
finite element grid. The gray shaded area shows the varia-
tion of l within the fault zone.
Figure 14. Coseismic and postseismic pore velocity
decrease in the fault depicted in Figure 12a at 9 km depth.
The jagged lines are artifacts due to interpolating across the
unstructured finite element grid. The gray shaded area
shows the velocity variation within the fault zone.
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pore pressure distributions similar to the ones presented here
(Figure 10) but at different timescales. For example, using
k0 = 10
−16 m2 in equation (4) for the basement and a fluid flux
of 2.0 × 10−9 m s−1 also causes elevated pore pressures in the
basement and faults; pore pressures are similar to what we
have modeled before (Figure 17), but it takes 5.5 kyrs for the
pore pressures to build up. While the pore pressure distribu-
tion at 9.5 km depth is similar in Figures 10 and 17, the pore
pressure distribution in the shallow regions differs strongly.
The four regions characterized by elevated pore pressures
described above are no longer present and the crust is char-
acterized by elevated pore pressures only at depth. Low pore
pressures occur in the TFZ where l varies from 0.15 to 0.3
between 7.5 km depth and the seafloor.
[38] Since the permeability distribution in the TFZ is not
well constrained and there are no direct mantle‐ and magma‐
degassing measurements for the TFZ, both pore pressure
distributions are equally possible. However, geophysical
observations in the TFZ help us to judge which scenario is
more likely. In the TFZ most of the shallow and deep fluid‐
induced seismic events are separated by an aseismic region
at intermediate depth. The vertical extent of this area is at least
3 km but could be as large as 10 km [Hensch et al., 2007].
Figure 10, but not Figure 17, shows a region between 4 and
8 km depth with little overpressure, i.e. between the top of
the basement and 7.5 km depth. We hence prefer a model
with a slightly higher basal fluid flux of 5.4 × 10−9 m s−1,
representing the mantle degassing rate, and a permeability
decay of log10(k) = −14 − 3.2 log10(z) (see equation (4)) in
the deeper basement. The resulting pore pressure distribution
can best explain the presence of the aseismic region discov-
ered by Hensch et al. [2007].
[39] There is some uncertainty in our results as the exten-
sional regime of the TFZ has changed partly to a transten-
sional regime and vice versa during geological history
[Saemundsson, 1974; Garcia et al., 2002]. Our 2D simula-
tions also do not account for the complex stress field in 3D
faults. Hence we carried out additional simulations for a
strike‐slip setting but did not observe a significant difference.
This is probably because the difference in permeability at a
given pore pressure (equations (5) and (6)) does not vary
greatly, that is usually less than 20%, assn approaches zero in
an extensional and strike‐slip regime. We suspect that a
change in permeability of at least an order‐of‐magnitude is
required as sn approaches zero to observe a significant
change in the flow system.
[40] A pertinent feature emerging from our simulations is
that deeper faults have comparatively high pore pressures
causing l to vary between 0.6 and 1 because they focus
fluid flow at depth. Upwards fluid migration in the faults of
Figure 15. Permeability evolution in the fault and basement depicted in Figure 12a at 9 km depth. The
straight lines are due to a limited number of finite elements across the fault. The gray shaded area shows
the permeability variation within the fault zone.
Figure 16. Postseismic reduction in pore fluid factor l in
the basement and fault depicted in Figure 12f at 6.1 km
depth. The jagged lines are artifacts due to interpolating
across the unstructured finite element grid. The permeability
of the faults decreases more rapidly than the permeability of
the basement due to different k^0 and s* values. The gray
shaded area shows the variation of l within the fault zone.
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the TFZ is thought to lead to intense microseismicity [Riedel
et al., 2001; Stefánsson et al., 2008]. Our simulations offer
an explanation for this phenomenon (Figure 12): when faults
inflate, pulses of overpressured fluids move upwards in the
fault enhancing its permeability. While our model does not
reproduce the continuous microseismicity that occurs in the
Grimsey Lineament and in the Húsavik Flatey Fault due to the
orientation of the seismic profile, it still demonstrates how
faults in the TFZ can focus pore pressures (Figure 10) and how
pore pressures can diffuse from the faults into the basement,
thereby creating small seismic events (Figures 12e–12f).
[41] An important prerequisite to maintain elevated pore
pressures in the TFZ is that volatiles degas from the mantle
and that the basement and faults have relatively low per-
meabilities. This is not unreasonable considering (i) that the
Icelandic mantle is water‐rich and mantle‐ as well as
magma‐derived volatiles are present in the TFZ [Nichols
et al., 2002; MacPherson et al., 2005] and (ii) that crustal
permeabilities are generally decaying as a function of depth
[Manning and Ingebritsen, 1999; Saar and Manga, 2004;
Jiang et al., 2010]. If mantle degassing were to stop at all in
the TFZ, pore pressures would dissipate in less than 10 years
and it may take hundreds of years to build up sufficient pore
pressures again. Yet, seismicity‐induced fluid flow occurs
on much shorter timescales in the TFZ [Claesson et al.,
2007]. We hence suggest that regional and moderate man-
tle degassing rates of approximately 3.0 × 10−9 m s−1,
consistent with observed surface degassing rates in South
Iceland [Fridriksson et al., 2006] and geochemical analyses
in the TFZ [Nichols et al., 2002; MacPherson et al., 2005],
maintain elevated pore pressures throughout the TFZ and
keep the crust weak. Local changes in mantle degassing
rate, for example due to additional dike intrusions [Hensch
et al., 2007], can cause the pore pressure to increase
locally, leading to fault inflation or dilatant slip. However,
certainly not all seismicity in the TFZ can be attributed to
elevated pore pressures: Large‐scale tectonics that repeatedly
cause high‐magnitude events in the TFZ and release stress
locally are well documented in the TFZ [Garcia et al., 2002;
Stefánsson et al., 2008].
[42] An important observation in our simulations is that
permeability increase and decay occur over very short
timescales, that is between minutes and a few years. This is
in agreement with the concept that fault‐controlled perme-
ability of seismically active hydrothermal tectonic setting,
like the TFZ, is regenerated rapidly due to the presence of
fluid flow [Cox, 2010]. It is noteworthy that these short
timescales are in contrast to low‐temperature regions with
active seismicity and faulting. In these settings, permeability
recovery appears to occur over much longer timescales,
i.e. decades [Crutchley et al., 2010; Rowland et al., 2008;
Rowland and Manga, 2009]. The different timescales in
permeability recovery in low‐ and high‐temperature systems
may be due to the fact that thermomechanical stresses and
mineral precipitation occur at fast rates and are hence able to
alter fault permeabilities rapidly in hot hydrothermal system
[Lowell et al., 1993]. Claesson et al. [2007] have suggested
that faults may seal within two years based on their moni-
toring of the hydrogeochemistry at Húsavik during a seismic
cycle. Our simulations show that the cycle of coseismic
permeability increase and postseismic permeability decay
can be completed in approximately this time frame. The
decrease in effective fault normal stress, due to a dissipation
of pore pressures, is sufficient to reduce the fault perme-
ability close to the original (low) values. However, as long
as an increased mantle degassing rate is present, fault per-
meabilities will remain elevated to accommodate the extra
flow and prevent significant pore pressure buildup. Although
mineral precipitation is thought to occur at a slower rate
than thermomechanical stresses it is probably critical to seal
faults [Lowell et al., 1993] and needed to complete the toggle
switch cycle; only if the fault permeability has decreases
sufficiently, pore pressure buildup can reoccur within a few
years.
[43] The permeability enhancement of faults is also thought
to play an important role during the postseismic mixing of
shallow and deep fluids [Claesson et al., 2004]. While our
model explains the observed postseismic mixing which leads
to distinct changes in hydrogeochemistry [Claesson et al.,
2004] by rapid upward migration of fluids within faults and
possibly from fault to fault at rates of up to 0.03 m s−1, it
cannot readily explain the observed hydrogeochemical var-
iations immediately before a seismic event. However, faults
are characterized in the preseismic state by higher pore
pressures than the surrounding rocks (Figure 10). In this sit-
uation, hydrofracture dilatancy can reopen and align fractures
in the damaged areas of the faults [Sibson, 1981]. This can
allow shallow and deep fluids to mix during the preseismic
Figure 17. Pore fluid factor l distribution for a low permeability basement characterized by a permeability
that vary as given in equation (4), with k0 = 10
−16 m2 and a low basal fluid flux of 2.0 × 10−10 m s−1. Note that
the four distinct regions where elevated pore pressures and high l values prevail (see Figure 10) are no
longer present.
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state although at significantly slower rates compared to
immediate coseismic mixing.
[44] For the assumed basement and fault porosities of
2%, our simulated pore velocities of 0.03 m s−1 explain the
coseismic velocities observed by Hensch et al. [2007] for
the TFZ. Similar fluid velocities have also been modeled by
Miller et al. [2004] for the 1997 seismic sequence in Italy,
which was caused by the escape of deep fluids from an
overpressured reservoir but occurred in a different tectonic
setting. Geological evidence [Okamoto and Tsuchiya, 2009]
further suggests that such short‐lived extreme velocity
events may be the rule rather than the exception in hydro-
thermal systems. This includes continental hydrothermal
systems as well. For example, Cathles and Shannon [2007]
have shown that large hydrothermal ore deposits may be
formed in tens to hundred of years due to short‐lived
extreme flow events and local permeability enhancement
due to elevated pore pressures may be the key to form
economically viable deposits in hydrothermal systems [Cox
and Ruming, 2004].
6. Conclusions
[45] We simulated the preseismic, coseismic and post-
seismic fluid flow and the coseismic and postseismic fault
permeability behavior using a representative P‐T‐X distri-
bution in the geologically complex crust of the Tjörnes
Fracture Zone (TFZ). Our simulations resolve geological
processes acting across vastly different timescales, ranging
from minutes to a few years. From this we can draw the
following conclusions:
[46] The distribution of pore pressures and their maximum
values in the TFZ vary as a function of the mantle degassing
rates and crustal permeability. The time required to reach a
steady state pore pressure distribution in the TFZ is most
likely a few hundred years, assuming a moderate mantle
degassing rate of 3.0 × 10−9 m s−1 and reasonable perme-
ability distributions. Afterwards, four clearly defined hori-
zontal regions characterized by elevated pore pressures occur
in the TFZ. The shallow crust is characterized by low pore
pressures, resulting in low pore fluid factors, l, of approxi-
mately 0.15 while in the sedimentary basins l varies between
0.15 and 0.5. Low pore pressures with l close to 0.15 occur in
the area below the top of the basement. Values of l ≈ 0.6 are
reached around 7.5 km depth. The deep basement is charac-
terized by elevated pore pressures, i.e. well above hydrostatic
pressure, and l between 0.6 and 1.The faults always comprise
higher pore pressures than the surrounding structures. At
depth they are characterized by critical pore pressures, i.e.
they are close to lithostatic pressure (l approximately 1),
which could explain the intense microseismicity observed in
the Grimsey Lineament and in the Húsavik Flatey Fault as
well as the elevated pore pressures that are thought to prevail
in the Húsavik Flatey Fault.
[47] Elevated pore pressures, possibly close to lithostatic
pressures, are released by fault inflation. This is probably
connected to seismic events. Pore pressures migrate upwards
along the fault planes, allowing for deep and shallow fluids to
mix. During this phase, pore velocities can exceed 0.01 m s−1
and transport chemically different fluids over long distances
in short time, as observed in the TFZ. Pore pressure migration
in the faults during fault inflation is accompanied by a large
increase in permeability of up to 7 orders in magnitude as the
effective fault normal stress decreases. While the pore pres-
sure propagation and permeability increase occur within few
minutes, timescales for postseismic fault sealing range from
2 to 3 years.
[48] Our simulations show that a toggle switch mecha-
nism is consistent with a number of geophysical and geo-
chemical observations in the Tjörnes Fracture Zone and
could explain the inferred links between seismicity and fluid
movement in this tectonically and hydrothermally active
oceanic setting. A complete toggle switch cycle in the TFZ
probably occurs within a few years and is accompanied by
very short‐lived and extreme fluid fluxes. Repeated cycles
continually regenerate fault‐controlled permeability and
weaken the crust. However, a moderate mantle degassing
rate is needed to maintain elevated pore pressures over time.
This is not unreasonable because the Icelandic mantle is
water‐rich and mantle‐derived as well as magma‐derived
volatiles are present in the Tjörnes Fracture Zone.
[49] On a more general note, the recent advances in simu-
lating coupled fluid flow processes in hydrothermal systems
now allow for high‐resolution models where key geological
structures can be represented at great detail [Ingebritsen et al.,
2010]. High‐resolution simulations like the ones presented
here now provide additional means to interpret geophysical
data, such as the time series of 16,000 seismic events recorded
at the 2003–2004 Ubaye seismic swarm in France [Daniel
et al., 2011], and link these data quantitatively with the
evolution of fluid flow, pore pressure, effective stress, and
fault permeability.
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